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Abstract

This paper discusses climate change in the Cenozoic by constructing a global carbon cycle model which is based
on the GEOCARB-type model. Major improvements over previous models in this study are as follows. Previous
models have not considered CO2 behavior at subduction sufficiently. They do not distinguish at subduction zones
between the CO2 degassing from a back-arc basin (BAB) and that from an island-arc, although their degassing
mechanisms may be different and should be treated separately. Also, previous models might overestimate the effect of
silicate weathering in the regions of the Himalayan and Tibetan Plateau (HTP) on CO2 drawdown. Recent studies
have revealed that this is smaller than previously presumed. Thus, we deal with these two kinds of degassing
independently, and estimate the contribution of silicate weathering based on their studies. They are incorporated into
the model. The model results indicate that: (1) the contribution of silicate weathering in the HTP region is small ;
(2) the warming from late Oligocene to early Miocene might be due to the CO2 degassing from the BAB; (3) the
cooling event in the middle Miocene (15 Ma) is caused by a large amount of the organic carbon burial; (4) the CO2

variation is well consistent with the other studies of CO2 estimate, especially with the recent studies of CO2 estimate
from the Miocene which indicate a relatively low level of CO2 ; (5) the age discrepancy between the CO2 peak in our
model and the period of the Miocene Climatic Optimum might be attributed to the uncertainty of estimate of the
BAB production rate, as a result of which the estimate should be revised. The model does not reconstruct the cooling
trends from the middle Miocene (about 15 Ma) and the cooling event at the Eocene/Oligocene (E/O) boundary. This
mismatch cannot be explained by the uncertainty of parameter estimates. Concerning the former event, the CO2

increase of the middle Miocene in our model may be consistent with increased volcanic activity resulting in a large
amount of CO2 degassing. Therefore, it could be indicated that the coolings from 15 Ma and at the E/O boundary are
attributed to the change of latitudinal temperature distribution caused by the variations of the oceanic environments,
because the current carbon cycle models are not able to consider factors other than the CO2 greenhouse effect in
estimation of surface temperature. However, the change of the temperature distribution on the surface itself does not
affect the global averaged temperature. This assumption might not be precise because of the effects of in-depth heat
exchange and other climatic factors. Nevertheless, a numerical test of the latitudinal sea surface temperature
distribution based on observed N

18O records indicates that these effects are not critical at least for the coolings at the
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E/O boundary and from 15 Ma. Thus, the result of our model still reflects the reasonable mean temperature at least as
a global one, and at the same time, the accurate reconstruction of the above two coolings might be beyond our carbon
cycle model.
: 2003 Elsevier B.V. All rights reserved.
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1. Introduction

Atmospheric carbon dioxide plays an important
role in climate change on the geological time scale
(s 106 yr scale), based not only on geological rec-
ords but also on computational models (Budyko
and Ronov, 1979; Berner et al., 1983). Atmo-
spheric CO2 level on the geological timescale is
regulated by the global carbon cycle which in-
volves silicate weathering, carbonate weathering,
carbonate precipitation, organic carbon burial,
carbonate metamorphism, mantle degassing and
so on (e.g. Berner et al., 1983).

Several computational models of long-term car-
bon cycle have been constructed. For example,
Berner (1994) constructed a model for Phanero-
zoic time, and Lasaga et al. (1985) and Tajika
(1998) dealt with the global carbon cycle for the
last 100 and 150 million years, respectively. Ber-
ner (1994) indicated a high CO2 level during the
Mesozoic and a decrease in CO2 during the Ce-
nozoic. Tajika (1998) concluded that the warming
in the Cretaceous resulted from increased tectonic
forcing such as volcanic activities, and that the
cooling in the Cenozoic resulted from enhanced
erosion rate due to the formation and uplift of the
Himalayan and Tibetan Plateau (HTP). Recently,
a revised GEOCARB model has been developed
by Berner and Kothavala (2001), which introdu-
ces some new or modi¢ed methods of parameter-
izations, i.e. an equation of the global mean tem-
perature and CO2 which is based on new GCM
results, consideration of the e¡ects of volcanic
weathering, both in subduction zones and on the
sea£oor, as well as paleo-landarea and paleo-run-
o¡. These previous studies are generally in agree-
ment with the geological record. However, they
do not discuss the climate events in the Cenozoic.
Besides, there are some climate events which have
not been reconstructed in the previous models, i.e.

the warming event around 17^16 Ma (e.g. Flower,
1999), and the warming from the late Oligocene
to early Miocene (e.g. Kaiho, 1989).

In the cooling trend through the Cenozoic,
some climate events are inferred from various
kinds of studies (see Section 2). In this paper we
¢rst discuss these main climate events in the Ce-
nozoic, and then construct global carbon cycle
models in order to consider the causes and e¡ects
of the global carbon cycle on the Cenozoic cli-
mate changes.

2. Climatic events in the Cenozoic

In this section we discuss some climatic events
in the Cenozoic and the problems in a global car-
bon cycle model which have to be modi¢ed. One
of the most general methods to infer climate
change is the analysis of deep-sea oxygen isotope
records (Fig. 1). Although the oxygen isotope
data provide constraints on the evolution of not
only deep-sea temperature but also continental

Fig. 1. Deep-water temperature and N
18O variations during

the Cenozoic (after Shackleton, 1987). Temperature estimate
(right axis) is based on the model of Shackleton and Kennett
(1975).
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ice-volume (Zachos et al., 2001), they still play a
very important role to estimate climate change.

2.1. Cooling events

Two rapid cooling events during the Cenozoic
have been pointed out by many studies. One is
likely to have occurred at the Eocene/Oligocene
boundary (about 36 Ma), the other in the middle
Miocene (about 15 Ma).

Concerning the cooling at the E/O boundary,
although the change of the CO2 level might be
partially associated with the climate event because
a change of N13C is reported (e.g. Shackleton and
Hall, 1984), this cooling is generally believed to be
related to oceanic environmental change. For ex-
ample, the Antarctic Circumpolar Current (ACC)
was formed in this period, generating cold deep
water (e.g. Keller et al., 1987).

The rapid cooling event in the middle Miocene
and the subsequent cooling trend to the Present
have been pointed out by many studies (e.g. Savin
et al., 1975). In this respect, Vincent and Berger
(1985) suggested the ‘Monterey Hypothesis’, i.e.
the increased burial of organic carbon would
have lowered atmospheric CO2 and decreased
the atmospheric surface temperature. This burial
rate may be evaluated by using the global carbon
cycle models based on the N

13C variations in the
ocean.

The possibility that deep-water circulation was
related to the 15 Ma cooling trend was pointed
out by e.g. Woodru¡ and Savin (1989). They in-
dicated that this period corresponds to the begin-
ning of the formation of North Atlantic Deep
Water. It would have been developed strongly
from the middle Miocene onwards (Blanc and
Suplessy, 1982). The period of this cooling seems
to be also coincident with the expansion of the
Antarctic ice-sheets (Savin et al., 1975; Shackle-
ton and Kennett, 1975). This expansion is thought
to have resulted from the falling temperature in
this region. Pagani et al. (1999) and Kump and
Arthur (1997) also correlated the expansion of the
ice-sheets with the decreased high-latitude temper-
ature.

The suggestion that increased weathering
caused more CO2 consumption and cooling has

been debated strongly (e.g. Raymo et al., 1988).
This kind of the explanation is based on the fact
that the strontium isotope ratio (87Sr/86Sr) in the
ocean increased in the late Cenozoic. This period
also corresponds to the beginning of uplift of the
HTP. According to Tajika (1998), the rapid cool-
ing event around 15 Ma may have been the result
of increased silicate weathering in the HTP re-
gion. He concluded that silicate weathering in
the HTP region would have lowered the atmo-
spheric CO2 level, and that this could explain
the increase of 87Sr/86Sr in the ocean during the
late Cenozoic, which could not be explained by
the model of Berner (1994).

However, in the model result of Tajika (1998),
the subsequent cooling trend from the middle
Miocene may not be consistent with some geolog-
ical and biological studies. Temperature declined
rapidly near 15 Ma, but soon increased to more
than the present surface temperature. We may not
be able to regard this as a ‘subsequent cooling
trend’ from 15 Ma.

Tajika (1998) introduced a free parameter, L,
which represents the contribution of dissolution
of Ca from the HTP region and the eroded
HTP materials into the ocean to the worldwide
total supply of Ca due to chemical weathering.
It includes the weathered and dissolved cation
not only on the continent but also in the ocean.

However, weathering in the ocean would not be
the critical amount (e.g. Berner and Kothavala,
2001), compared to that on the continents. Be-
cause riverine Sr £ux in the HTP region would
account for about 22% of the worldwide £ux
(Palmer and Edmond, 1989), L, which ranges
from 0.25 to 0.45 in his model, would be some-
what large.

Moreover, because the value of 22% includes
not only silicate-derived but also carbonate-de-
rived strontium £ux, the contribution of the sili-
cate weathering £ux from continents might be less
than 22%. In this respect, several studies showed
that carbonate minerals play a more important
role in the weathering of the HTP region than
silicate minerals. The mass-balance calculations
by Blum et al. (1998) indicated that 82% of the
HCO3

3 £ux is derived from the weathering of car-
bonate minerals and that only 18% is derived
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from silicate weathering in the Himalayan rivers.
This is consistent with the conclusion by Krish-
naswami et al. (1992), who indicated that about
two-thirds of the dissolved cations are derived
from carbonate weathering and about one-third
from silicate weathering in the Ganges^Brahma-
putra and Indus rivers. These results also corre-
late with the result by Karim and Veizer (2000)
who showed that the discharge weighted mean
contribution of silicate derived Ca2þ+Mg2þ is
about one-fourth. Kerrick and Caldeira (1999)
also calculated the in£uence of silicate weathering
in the HTP region to be small. The carbonate
discussed here was derived from metamorphosed
carbonate rocks or soil carbonate, whose stronti-
um isotope ratio is much higher than marine cal-
cite, because it originated from weathered silicate
minerals (Quade et al., 1997). High 87Sr/86Sr val-
ues of these minerals might be explained by the
increase of 87Sr/86Sr in the ocean (Kashiwagi and
Shikazono, 2001). Furthermore, disseminated cal-
cite with very high 87Sr/86Sr in the Raikhot water-
shed and other locations within the Nanga Parbat
Massif of northern Pakistan has been identi¢ed
(Jacobson and Blum, 2000).

Therefore, the observed rapid increase of
87Sr/86Sr in seawater (e.g. Burke et al., 1982)
from the late Cenozoic could be attributed to car-
bonate weathering with high 87Sr/86Sr rather than
silicates. In addition, in the weathering process
carbonate weathering has no net e¡ect on the
amount of atmospheric CO2, while 1 mole of at-
mospheric CO2 is consumed by 1 mole of Ca or
Mg silicate weathering (e.g. Berner, 1994).

Thus, the e¡ect on atmospheric CO2 presumed
by the increase of the strontium isotope record
might be much less than the result by Tajika
(1998). In this paper, we reevaluate the contribu-
tion of silicate weathering in the HTP region by
using a global carbon cycle model.

2.2. Warming events

Three remarkable warming events seem to have
occurred during the Cenozoic. The warming in
the early Eocene is one of them. The cause is
often attributed to the greenhouse e¡ect of CO2

(e.g. Rea et al., 1990). It might have resulted from

active volcanism at the mid-ocean ridges. The re-
sults of the numerical models of Berner (1994)
and Tajika (1998) showed an increased CO2 level
during this period, because the degassing £ux of
CO2 increases owing to the large sea-£oor spread-
ing rate at that period. Because this climate event
could be generally reconstructed by the carbon
cycle models available so far, it is not discussed
in detail in this paper. We focus on the other two
events, i.e. the Miocene Climatic Optimum
(MCO) and warming from the late Oligocene to
early Miocene.

2.2.1. The Miocene Climatic Optimum
The MCO is believed to have occurred at range

from 17 to 14.5 Ma (Flower, 1999). The warmth
may have been global, although it may not have
been as warm as in the early Eocene. Based on
oxygen isotope records, Shackleton and Kennett
(1975) pointed out that the temperature of high-
latitude surface water may have been almost the
same as that during the late Eocene. Savin et al.
(1975) also indicated that temperatures of deep
water and high-latitude surface water were higher
than today by 6‡C. As well, the studies of paleo-
vegetation (Yamanoi, 1993), of paleotemperature
estimates based on £oras (Axelrod and Baily,
1969) and of oxygen isotope composition of ma-
rine shells (McGrowan and Li, 1997) suggested
this warming event.

This warming event has not been reconstructed
in the previous global carbon cycle models. Based
on the assumption that the climate changes from
the Cretaceous were dominantly in£uenced by the
CO2 level, as generally believed (e.g. Budyko and
Ronov, 1979), the MCO would have resulted
from increase of CO2.

In fact, it is often said that the greenhouse ef-
fect of CO2 contributed to the warming optimum.
For example, Camp (1995) suggested that this
warming may have been caused as a result of
the eruption of huge amount of Columbia River
basalt which might have released CO2 to lead to
the 3-K increase by the greenhouse e¡ect (Co⁄n
and Eldholm, 1993). In the Japanese Islands, Ti-
rich Icelandite-like and Mg-rich basaltic activities
occurred during this period (Dudas et al., 1983).
This type of basaltic magma is thought to have
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been generated at deep mantle which may have
been related to mantle plume activity (Tatsumi
et al., 1989). Such a mantle plume may have re-
leased a large amount of CO2 to the atmosphere.

Moreover, another approach to estimate CO2

degassing in this period is pointed out. Shikazono
(2003) noted the high concentration of CO2 in
hydrothermal water at back-arc basins (BABs).
Shikazono (1998, 1999) suggested that CO2 degas-
sing from BABs might have an in£uence on the
atmospheric CO2 levels, thus the climate change
on geological time scale. He calculated the hydro-
thermal CO2 degassing £ux from a BAB (this cal-
culation is modi¢ed in this paper, see below), and
found that it might have in£uenced global climate
change.

The signi¢cance of BABs to climate change was
also pointed out by Kaiho and Saito (1994). They
selected 29 BABs in the world, and calculated the
production rate for each spreading interval by
using the area of spreading and its averaged thick-
ness (Fig. 2).

They concluded that climate changes between
30 and 5 Ma may roughly correlate with the var-
iation of crustal production rate of BAB. The
result also shows a high peak of crustal produc-
tion of back-arc basins also in the period of the
MCO, which might possibly indicate that the

MCO was related to crustal production of a
back-arc basin. They considered that sea-level
variation due to crustal production might have
caused climate change, but the degassing £ux of
CO2 should be noted when we pay attention to
large £ux of CO2 from back-arc basins.

2.2.2. Warming from the late Oligocene to early
Miocene

Gradual warming from the late Oligocene to
early Miocene as well as the warming from the
late Oligocene to early Miocene, mentioned
above, have been pointed out based on N

18O of
foraminiferal carbonate (Miller et al., 1987; Ken-
nett and Barker, 1990). Kaiho (1989) proposed
the oxygen index (OI) to estimate global changes
in the oxygen content of deep oceanic waters. OI
is de¢ned as the ratio of aerobic benthic forami-
nifera forms vs. aerobic plus anaerobic ones in
deep sea. It can be used to extrapolate relative
amounts of dissolved oxygen in deep-sea bottom
water.

In the warming period, cold seawater in high
latitudes would have declined and the velocity of
deep-sea circulation would have been lowered. As
a result, the supply of oxygen to deep sea would
have decreased, combined with a lower dissolu-
tion rate of oxygen due to higher temperature,
which means low OI. Based on this assumption,
he suggested OI as an index to estimate paleocli-
mate change. He found that periods of low OI in
the late Paleocene to early Eocene and late Oligo-
cene to early Miocene seem to be consistent with
those suggested to have been warm.

Moreover, Kaiho and Saito (1994) also indi-
cated that the higher rates of crustal production
in BAB from the late Oligocene to early Miocene
seem to be consistent with the warming during
that period.

It can be suggested that these two warming
events (the MCO and the warming from late Oli-
gocene to early Miocene times) are commonly re-
lated to BAB. In fact, MCO has not been recon-
structed by the previous models, which do not
consider BAB explicitly. Thus, we discriminate
the degassing of CO2 from between BAB and is-
land-arc as that from subduction zones in the
model explicitly.

Fig. 2. Variation in relative rates of production of back-arc
basins in the Cenozoic estimated by compilation of the crus-
tal production of 29 back-arc basins in the world (after Kai-
ho and Saito, 1994). This is used as a parameter of the de-
gassing £ux from back-arc basins at subduction zones in the
model.
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2.3. CO2 degassing at subduction zones

In a global carbon cycle model, it is very im-
portant to decide parameters governing the rate
of CO2 degassing, because the rate exerts a critical
in£uence on the atmospheric CO2 level (cf. Berner
et al., 1983). Therefore, we discuss the degassing
history of the late Miocene and the degassing
and regassing parameters to be used in the mod-
el.

2.3.1. Increased volcanic activity from the middle
Miocene

Several studies indicate intense volcanic activity
(hence CO2 degassing) in the late Miocene at sub-
duction zones. For example, the number of early
Oligocene to Recent volcanic ash horizons re-
corded in the Philippine Basin region is compared
with the rate of accumulation of total volcanic
debris (Donnelly, 1973; Kennett et al., 1977).
Their general trends are in good agreement with
each other, and it is indicated that the volcanic
activity may have increased during the late Mio-
cene (approximately 10 Ma). Histograms of K^Ar
dates with relative volumetric estimates of igneous
rocks erupted in the Circum Paci¢c region by
Kennett et al. (1977) and in the Japanese Islands
(Tsunakawa, 1981) also support the increasing
trend in volcanic activity. Moreover, the produc-
tion rate of BAB by Kaiho and Saito (1994)
might indicate the increasing trend.

These studies also indicate that volcanic activity
at a subduction zone seems to have increased in
the late Miocene, while the intensity of igneous
activity at the mid-ocean ridge would have de-
creased in the Cenozoic as a general trend. Vol-
canic activity at a subduction zone might not
be synchronized with those at the mid-ocean
ridge.

Considering that the CO2 degassing £ux from
mid-ocean ridges is larger than that from subduc-
tion zones (Sano, 1996), the result of the global
carbon cycle model should indicate less decrease
or some increase of CO2 in the late Miocene than
the previous models due to the large amount of
the degassing £ux at subduction zones and in-
creased volcanic activity in the late Miocene, be-
cause the previous models have not included de-

gassing parameters which re£ect the increased
volcanic activity at subduction zones from the
late Miocene.

2.3.2. Parameters in relation to degassing £uxes
The degassing £ux at a subduction zone may

strongly depend on the amount of subducted ma-
terials (e.g. carbonate minerals and organic car-
bon), and thus it could be assumed that the pro-
duction rate of the oceanic crust (i.e. the sea£oor
spreading rate) roughly equals to the subduction
rate at the subduction zone. It is the reason for
the assumption that the degassing £ux is propor-
tional to the sea£oor spreading rate in the pre-
vious carbon cycle models (e.g. Berner et al.,
1983), and the treatment of the CO2 degassing
rate both at the mid-ocean ridge and subduction
zone as a function of the sea£oor spreading rate is
quite reasonable as a ¢rst approximation.

However, because we take into account the
spreading rate of back-arc basins, we should mod-
ify the assumption that the sea£oor spreading rate
corresponds to the subduction rate. It is because
crustal production occurs not only at the mid-
ocean ridge but also at the back-arc basin in
our model. The sea£oor spreading rate would
not preferably be equal to the subduction rate.
Thus, we use the subduction rate, not the sea£oor
spreading rate, to represent the volcanic activity
at the subduction zone.

Fig. 3. Subduction rate vs. time estimated by summing the
total area of the subducted lithosphere (after Engebreston et
al., 1992). This is used as a parameter of the degassing £ux
from island-arcs at subduction zones in the model.
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In our model, while the sea£oor spreading rate
by Kaiho and Saito (1994) is adopted as a param-
eter of mid-ocean ridge degassing, the subduction
rate calculated by Engebreston et al. (1992) is
used as a parameter of subduction zone degas-
sing. This rate is obtained by using subduction
zone lengths, not ridge lengths which are generally
used to estimate the spreading rate. It also corre-
sponds accurately to the sea-level curve by Haq et
al. (1987). Thus, to use subduction length may be
preferable in order to consider the activity of the
subduction zone. The subduction rate of Enge-
breston et al. (1992) shown in Fig. 3 is used for
the parameter of the CO2 ‘regassing’ £ux, which
subducts under the continental crust and is reab-
sorbed into the mantle (see Tajika, 1998).

Fig. 3 shows a slight increase of the middle
Miocene rate, although it is not so clear. Instead,
the production rate of BAB by Kaiho and Saito
(1994) (Fig. 2) shows an obvious increase, which
might indicate the increased volcanic activity at
the subduction zone as mentioned above in the
model.

3. Model

We construct a global carbon cycle model,
which is based mainly on the GEOCARB model
developed by Berner (1994) and Berner and Ko-
thavala (2001) and the model by Tajika (1998)
which modi¢ed the GEOCARB II model. The
model used for atmospheric CO2 is shown in
Fig. 4. The formulation of the greenhouse e¡ect
of CO2 by Caldeira and Kasting (1992) is used in
order to estimate the global mean surface temper-
ature. Mass balance and isotope mass balance
equations are as follows:

d MC=dt ¼ 3FC
W3FC

D;S3FC
R þ FP

d MO=dt ¼ 3FO
W3FO

D;S3FO
R þ FB

d MAO=dt ¼ FC
W þ FO

W þ FC
D;S þ FO

D;S3FB3FPþ

FD;H þ FD;M ¼ 0

d N
CMC=dt ¼ 3N

CðFC
W þ FC

D;S þ FC
RÞ þ N

AO FP

d N
OMO=dt ¼ 3N

OðFO
W þ FO

D;S þ FO
RÞþ

ðN AO3v Þ FB

Fig. 4. The carbon cycle model used in this study. Arrows and boxes represent carbon £uxes and reservoirs, respectively. See text
for explanation of the symbols. In this model, we distinguish the degassing £ux from an island-arc from that from a back-arc ba-
sin at the subduction zone (see text).
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d N
AOMAO=dt ¼ N

CðFC
W þ FC

D;SÞþ

N
OðFO

W þ FO
D;SÞ3ðN AO3v ÞFB3N

AOFPþ

N
mantleðFD;H þ FD;MÞ ¼ 0

d Mocean
Ca =dt ¼ FS

W þ FC
W3FP ¼ 0

where MC is the amount of carbonate carbon in
the crustal sediments, MO is the amount of organ-
ic carbon in the crustal sediments, MAO is the
amount of carbon in the atmosphere^ocean sys-
tem, FW is the weathering £ux, FP is the precip-
itation £ux of carbonate carbon, FB is the burial
£ux of organic carbon, FD;S is the degassing £ux
at subduction zones, FR is the regassing £ux, FD;H

is the degassing £ux at hot spot, FD;M is the £ux
at mid-ocean ridges, N is the N

13C value (compiled
and modi¢ed from Shackleton and Hall, 1984;
Shackleton, 1987), and v is carbon isotope frac-
tionation factor through the photosynthetic pro-
cess. Superscripts C, O and S represent carbonate
carbon, organic carbon and silicate, respectively.
MAO and N

AOMAO are assumed to be in a steady
state (Berner, 1994). All carbonate carbon is re-
garded as calcite, and calcium is assumed to be
transported into the ocean by weathering and pre-
cipitated from the ocean. Mocean

Ca is also assumed
to be in a steady state (Berner, 1994).

Mass £uxes in the above equations are ex-
pressed as follows:

FC
W ¼ kC

W f BB f LA f AD MC

FO
W ¼ kO

W f AD MO

FS
W ¼ ðð13LÞ f B f 0:65

AD þ L f RÞ FS
W

�

FD;M ¼ f SR F �
D;M

FD;H ¼ f H F�
D;H

FC
R ¼ kC

R f SUB f C MC

FO
R ¼ kO

R f SUB MO

f BB ¼ ð1þ 0:087vTÞ ðð2RCO2Þ=ð1þRCO2ÞÞ0:4

f B ¼ exp ð0:09 vTÞ ð1þR vTÞ0:65 ðð2RCO2Þ=

ð1þRCO2ÞÞ0:4

where vT is the temperature di¡erence from the
present value, RCO2 is the ratio of atmospheric
CO2 to the present value, k is the rate constant,
fBB is the feedback function for carbonate weath-
ering (Berner, 1994), fLA is the carbonate land
area factor (Ronov, 1994; Bluth and Kump,
1991), fAD is the river runo¡ factor (Ronov,
1994; Otto-Bliesner, 1995), fB is the feedback
function for silicate weathering (Berner and Ko-
thavala, 2001), R is the coe⁄cient expressing the
e¡ect of temperature on global river runo¡ (Ber-
ner and Kothavala, 2001), fSR is the sea£oor
spreading rate (Kaiho and Saito, 1994), fH is the
production rate of oceanic plateau basalt (Kaiho
and Saito, 1994), fSUB is the subduction rate at the
subduction zone (Engebreston et al., 1992), fC is
the precipitation factor (Berner, 1994), fR is the
uplift factor, and L is a parameter which repre-
sents the contribution of the Ca dissolution from
the HTP region and the eroded HTP materials
into the ocean to the worldwide total supply of
Ca due to the global chemical weathering today
(Tajika, 1998). In this paper, R is 0.045 for colder
periods (36^0 Ma) and 0.025 for the rest periods.
The value of R is based on Berner and Kothavala
(2001), and the value of 36 Ma corresponds to the
Eocene^Oligocene boundary.

The CO2 degassing £ux at the subduction zone
is expressed as follows:

FC
D;S ¼ kC

D;S f SR f C MC

FO
D;S ¼ kO

D;S f SR MO

However, as discussed above, the degassing
from BAB might play an important role in the
climate especially from the late Oligocene to early
Miocene and maybe the MCO. Consequently, we
divide the CO2 £ux at the subduction zone into
the £ux at island-arc and that at BAB. Then, de-
gassing £uxes at subduction zones are expressed
as follows:

FC
D;S ¼ FC

BA þ FC
IA

FO
D;S ¼ FO

BA þ FO
IA

where FBA is the degassing £ux from BAB, and
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FIA is the degassing £ux at island-arcs. Here we
de¢ne an index of Q, which represents the contri-
bution of the £ux from the back-arc basin to that
from the subduction zones at present (that is, 13Q

is portion of £ux from island-arcs).

Q ¼ ðFC
BA

� þ FO
BA

�Þ=ðFC
D;S

� þ FO
D;S

�Þ

Because FC
IA and FC

BA, and FO
IA and FO

BA are
related to MC and MO, respectively, these £uxes
are represented as follows:

FC
BA ¼ kC

BA MC

FO
BA ¼ kO

BA MO

FC
IA ¼ kC

IA MC

FO
IA ¼ kO

IA MO

Rate constants are expressed as follows:

kC
BA ¼ Q f BA kC

D;S

kO
BA ¼ Q f BA kO

D;S

kC
IA ¼ ð13Q Þ f IA kC

D;S

kO
IA ¼ ð13Q Þ f IA kO

D;S

where fBA is the production rate of BAB (Kaiho
and Saito, 1994), and fIA is a parameter of the
degassing £ux at subduction zone (Engebreston
et al., 1992). See the discussion on parameters in
relation to degassing £uxes in Section 2.3).

3.1. Parameter of erosion rate in the HTP region

Berner (1994) introduced an uplift factor, fR,
based on the calculation for the global Sr mass
balance. Tajika (1998) considered the global Sr
budget as a sum of the HTP and other regions,
and used the erosion rate of the HTP region cal-
culated by Richter et al. (1992) to represent the
contribution of silicate weathering of this area.
However, it may lead to overestimating the in£u-
ence of silicate weathering to use the strontium
isotope ratio to introduce a parameter of silicate
weathering in the HTP region. Therefore, another
method should be used. Here we adopt a com-

puted elevation history from 45 Ma by Zhao
and Morgan (1985) (Fig. 5). Silicate weathering
in the HTP region is thought to be related to
elevation (e.g. Berner, 1994).

3.2. Parameter about cation £ux in the
HTP region at present

As mentioned before, the value of L=0.25^0.45
might be overestimated even if L de¢ned by Taji-
ka (1998) includes the £ux in the ocean. Instead,
we can obtain L, which includes the weathering
£ux, only on the continents in this model unlike
Tajika (1998). The riverine Sr £ux in the HTP
region is 7.7U1015 mol/Ma (Palmer and Edmond,
1989). McCauley and DePaolo (1997) assumed
that the riverine Sr £ux of silicate weathering ac-
counts for 20% of the modern riverine total Sr
£ux as the worldwide value, while another study
estimates the value to be 40% (Bickle, 1994). Be-
cause this value might not be applied in the HTP
region, we assumed it to be in the range of 20^
40% as a lower estimate. The Sr/Ca and Mg/Ca
ratios of average granite are assumed to be
3.5U1033 and 0.5, respectively (Best, 1982). Be-
cause Himalayan leucogranites have Sr/Ca ratios
not exceeding 10U1033 (Vidal et al., 1982),
3.5U1033 leads to a su⁄cient upper value for L.
Then, the modern £ux of silicate in HTP region,

Fig. 5. Elevation rate vs. time estimated by a kinematic mod-
el based on plate-tectonic reconstructions and conservation
of crustal volume (after Zhao and Morgan, 1985). This is
used as a parameter of the elevation in the HTP region
(hence weathering £ux) in the model.
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FS
W;HTP, is calculated to be 0.66^1.32U1018 mol/

Ma, and L is FS
W;HTP/F

S
W;GLOBAL = 0.10^0.20. Here

we can assume L to be 0.20 as a large estimate.

3.3. Parameter about £ux at BAB at present

We have an estimate of the £ux from BAB to
consider its signi¢cance. Although Shikazono
(1999) estimated this £ux, the range was too large.
Therefore, we try to reevaluate a present £ux
from BAB.

Shikazono (1999) assumed the CO2 concentra-
tion of hydrothermal solution to be 0.05^0.3 mol/
kg. However, we assume it to be 0.03^0.1 because
the concentration in most of BAB is within this
range (Shikazono, 1999). The crustal production
rate is assumed to be 0.94U1019 kg/my, and the
crustal thickness is set for 2^3 km. While he esti-
mated the seawater/rock ratio to be 5^20, which
does not depend on the crustal thickness, we cal-
culated using 2^3 and 5^10 as the seawater/rock
ratio because most seawater/rock ratios are within
10 and the seawater/rock ratio decreases with the
depth of the crust. The present £ux from BAB is
estimated to be 0.56^1.88U1018 mol/my. The pro-
portion of the £ux from BAB to the total subduc-
tion degassing (Q) is approximately 0.1^0.3. By
using these values, the degassing £ux at subduc-
tion zones is divided into two £uxes (£ux from an
island-arc (FIA) and that from BAB (FBA)).

The parameters considered in the model are
listed in Table 1.

4. Results and discussion

Figs. 6 and 7 show the model results in the
cases of the feedback function of Berner and Ko-
thavala (2001) (hereafter referred to as fBB;B) and
Volk (1987) (hereafter referred to as fBB;V), respec-
tively. We compare them to other studies of the
CO2 estimate.

Vertical dashed bars in Figs. 6 and 7 show the
paleo-PCO2 estimate based on the assumption
that the fractionation of carbon isotopes during
photosynthetic ¢xation of CO2 correlates with the
concentration of dissolved CO2 in water (Free-
man and Hayes, 1992). In spite of the small num-
ber of data, they indicate that the atmospheric
CO2 level generally decreases from the early Ce-
nozoic onwards.

However, on the other hand, some recent stud-
ies show that atmospheric CO2 might have not
been changing greatly from the late Cenozoic to
the Present.

For example, Cerling (1991) suggested that the
CO2 level in the Eocene may have been lower
than 700 ppm (crossed lines in Figs. 6 and 7).
Pagani et al. (1999) reconstructed the maximum
CO2 values from OP values (the magnitude of car-

Table 1
Explanation and references of parameters for £uxes used in the model

Symbol Explanation Reference

fLA Carbonate land area Ronov (1994), Bluth and Kump (1991)
fAD River runo¡ Ronov (1994), Otto-Bliesner (1995)
fB Feedback function of silicate weathering Berner and Kothavala (2001)
fBB Feedback function of carbonate weathering Berner and Kothavala (2001)
fR Uplift factor Zhao and Morgan (1985)
fSR Sea£oor spreading rate Kaiho and Saito (1994)
fH Production rate of oceanic plateau basalt Kaiho and Saito (1994)
fC Precipitation factor Berner (1994)
fBA Production rate of back-arc basin Kaiho and Saito (1994)
fIA/fSUB Volcanic activity/subduction rate at subducion zone Engebreston et al. (1992)
R Parameter of the e¡ect of temperature on river runo¡ Berner and Kothavala (2001); this study (see text)
Q Contribution of degassing from back-arc basin at subduction

zone
See text

L Contribution of silicate weathering in the HTP region See text

See text for the details.
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bon isotope fractionations during photosynthesis)
based on carbon isotopic analyses of diunsatu-
rated alkenones and planktonic foraminifera
from the late Oligocene to the late Miocene
(bold line in Figs. 6 and 7).

Pearson and Palmer (2000) used the boron-iso-
tope ratios of ancient planktonic foraminiferal
shells to estimate the pH of the surface of ocean
water (shaded area and vertical bars in Figs. 6
and 7). Their estimates around the Miocene
roughly correlate with those by Pagani et al.
(1999) except for the slight CO2 peak in the
MCO. Because alkalinity variation is elaborate
and poorly constrained by the CCD record to
estimate (Pearson and Palmer, 2000), this estimate
may have signi¢cant errors especially in older age.
These errors may have been large at low pH val-
ues in the early Cenozoic (Pearson and Palmer,
2000). According to Pearson and Palmer (2000),
the CO2 level in the early Cenozoic is more than 10 PAL, although the minimum estimate at that

period is approximately 1.5^2 PAL.
In Fig. 8, the model result for the case with

fBB;B is compared to the oxygen isotope records
of benthic foraminifera by Shackleton (1987).

4.1. Climate change before the Miocene

We ¢rst pay attention to the surface tempera-
ture and CO2 patterns before the Miocene, ob-
tained by our model calculations. The model re-
sults of the global mean temperature seems to be
well consistent with the N

18O variation from the
Paleocene to the early Miocene except for the
cooling event at the E/O boundary (Fig. 8). For
example, the warming event around 55 Ma, the
subsequent cooling trend, and the warming from
the late Oligocene to the early Miocene are com-
paratively in agreement with each other.

Fig. 8 shows that the relatively stable climate
during the Oligocene, which is indicated by the
oxygen isotope records, is consistent with the pat-
tern of the model results of CO2 and temperature,
and that the temperature peak around the Oligo-
cene in the model results becomes more notable as
Q is larger. Although, unfortunately, we cannot
accurately determine the value of Q in our model,
approximately 0.15^0.3 might be preferable as a
value of Q in Figs. 6 and 7. If we do not take into

Fig. 7. Atmospheric CO2 variation for various Q during the
last 60 my in the cases for Q=0, Q=0.15, and Q=0.3 in order
of height of CO2, when the feedback function of Volk (1987)
is used in the calculation. See caption of Fig. 6 about expla-
nation of Q, vertical dashed bars, crossed lines, bold line, and
shaded area in the ¢gure.

Fig. 6. Atmospheric CO2 variation for various Q during the
last 60 my in the cases for Q=0, Q=0.15, and Q=0.3 in order
of height of CO2, when the feedback function of Berner and
Kothavala (2001) is used in the calculation. Q is a parameter
which represents the contribution of the £ux from a back-arc
basin to that from the subduction zones at present. Vertical
dashed bars represent the CO2 estimate of Freeman and
Hayes (1992), whose errors are derived from regression sta-
tistics and the uncertainty of U 3‡C in SST. Crossed lines are
the estimates of Cerling (1991), whose errors are based on
the uncertainty of estimate of the N

13C values. Bold line
from Oligocene to Miocene is the estimate of Pagani et al.
(1999). Shaded area is the estimate of Pearson and Palmer
(2000), whose errors are derived from the analytical error of
N
11B. We ignore the uncertainties of estimates of age because

most of them are small (6 1 Ma).
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account the degassing from BAB (Q=0), the cal-
culated CO2 level seems to be somewhat too large.
It is indicated that the consideration of BAB ac-
tivity might explain the Oligocene climate.

On the other hand, in spite of the correlation of
the patterns of CO2 and the temperature varia-
tions, the estimated values of CO2 and temper-
ature of our results seem to be low compared
with the N

18O data, if it is assumed that the
warm climate before the late Miocene was caused
only by the greenhouse e¡ect of CO2. Fossil
plants indicate that temperature in North Amer-
ica may have been s 10‡C higher in the Paleo-
cene than at present (Wolfe, 1978). Studies of
N
18O records also suggest an about 10‡C warmer

climate in the Paleocene than at present (Shackle-
ton and Kennett, 1975; Shackleton, 1984). How-
ever, the model results show the low level of CO2.
We will discuss this issue later.

4.2. Climate change from the Miocene

The model results do not indicate a notable
high peak of CO2 at MCO, although the e¡ect
of degassing at MCO is pointed out by Camp
(1995) and others and the BAB production rate
estimated by Kaiho and Saito (1994) has a peak
around MCO. However, there is a small peak of
CO2 just before the MCO period (around 19^18
Ma).

Because the di¡erence between the two periods
is small, it is possibly derived from the error in
estimating the age of the BAB production by Kai-
ho and Saito (1994). Because they assumed a con-
stant spreading rate of each BAB during its whole
spreading interval, their estimates would result in
uncertainty of the BAB production rate when
some BABs would not have had constant spread-
ing rates. The period of MCO might correspond
to that of spreading of the BAB of the Japan Sea.
As shown in Kaiho and Saito (1994), the spread-
ing interval of the Japan Sea ranges from the
middle Oligocene to the middle Miocene, which
includes the period of MCO. If the spreading rate
of the Japan Sea is large in the period of MCO,
which was suggested based on paleomagnetic data
on Miocene rocks in Southwest Japan (Otofuji
and Matsuda, 1983, 1987), a higher peak would
appear from the calculated production rate of
BAB at MCO. Consequently, the model result
might show a high peak of CO2 in the period of
MCO.

A low level of CO2 is found around 15 Ma in
our results (Fig. 8). This low CO2 level in this
period is derived from HTP weathering according
to the model of Tajika (1998). However, in our
results, it is attributed to the shift to the high N

13C
values, and the e¡ect of HTP weathering is rather
small. Fig. 9 shows the result of the CO2 varia-
tions for the case where the erosion rate of HTP
varies (Zhao and Morgan, 1985) and for the case
where the erosion is not considered (fR = 0). Ap-
parently, there is little di¡erence between these
two results. This is consistent with the conclusions
of Quade et al. (1997) and Blum et al. (1998):
silicate weathering in the HTP region was not
signi¢cant for CO2 drawdown and cooling.

Thus, the relatively low level of CO2 around

Fig. 8. Comparison of the model results of (b) CO2 and (c)
temperature variations with (a) oxygen isotope records (after
Shackleton, 1987) during the last 60 my. Lines in (b) and (c)
are the cases for Q=0, Q=0.15, and Q=0.3 in order of height
of CO2. See caption of Fig. 6 about explanation of Q.
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15 Ma is because N
13C of seawater is high at that

time, which re£ects large organic carbon burial.
This correlates with the Monterey Hypothesis ;
the cooling at 15 Ma is caused by large amounts
of organic carbon burial (Vincent and Berger,
1985).

Our model results of CO2 from the middle Mio-
cene are supported by other studies. When we use
fBB;B (Fig. 6), the CO2 variation is roughly con-
sistent with the results of Pagani et al. (1999) and
Pearson and Palmer (2000). According to the re-
sult of our model and the other two isotopic stud-
ies, CO2 level since the Miocene may have been
relatively constant but a little bit lower compared
to that at present. The CO2 level slightly increases
from the Miocene. When we use fBB;V (Fig. 7), the
CO2 level seems to be lower than that in the case
with fBB;B, but there is no large di¡erence. The
variation pattern of CO2 is not in£uenced by
the di¡erence between the two feedback functions.

4.3. Disagreement between the model result and
oxygen isotope records

Temperature variation since the middle Mio-
cene obtained by our results seems in several re-
spects to be inconsistent with the N

18O records
(Fig. 8). Although various studies including N

18O
records suggest a cooling trend from the middle
Miocene onwards (e.g. Shackleton, 1987) (but

note that they are partly a¡ected by the ice-vol-
ume as mentioned before), our model shows in-
crease of temperature from the middle Miocene, if
it is assumed that temperature is governed only by
atmospheric CO2 concentration. We consider the
cause of the discrepancy below. First, the error of
parameters used in the model is considered.

4.3.1. Uncertainty of parameters in the model
In the model of Tajika (1998), the CO2 level

before 40 Ma is determined by L, which was as-
sumed to be 0.25^0.45 so that the CO2 level was
thought to be consistent with geochemical and
other studies. However, because L is estimated
to be small in this study, two possible explana-
tions to solve the problem of low levels of CO2

in our model might be considered as the estimate
error of parameters in our model. They are: (1)
some factors which ‘lower’ CO2 level are overesti-
mated, and/or (2) some factors to ‘raise’ CO2 level
before the early Cenozoic are missed.

First, we discuss (1). Silicate weathering and
organic carbon burial in the carbon cycle would
be factors which lower CO2.

If silicate weathering is the cause of the low
CO2 levels, there would be an error in the calcu-
lation of the weathering £ux. Because L is small,
the di¡erence between the weathering £ux before
and after the Oligocene is not critical (0.2FS

W =
1.3U1018 mol/Ma), and the factor of weathering
is not important. Thus, the uncertainty in the
calculation of the weathering £ux might be un-
likely.

If estimation of organic carbon burial is the
problem, the estimate of the N

13C value would
include an error because the burial £ux is basi-
cally regulated by N

13C in our model. However,
the isotope value used in our model seems to be
reliable as the global records. The spatial varia-
tion in the N

13C content of normal marine sedi-
ment carbonate is quite small. The data by
Shackleton and Hall (1984) are remarkably simi-
lar to those by Shackleton et al. (1985) (Shackle-
ton, 1987). Therefore, organic carbon burial is not
thought to be a critical cause of the low CO2

level.
An important example of (2) might be degas-

sing of CO2. Degassing £uxes are regarded to be

Fig. 9. Atmospheric CO2 variations for the last 60 my in
case of fR = 0 (ignore the HTP uplift) and using the uplift
parameter of Zhao and Morgan (1985) (consider the HTP
uplift ; see Fig. 5). Feedback function of Berner and Kotha-
vala (2001) is adopted in the calculation.
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proportional to their parameter values in our cal-
culations. However, although the assumption
would be basically appropriate, it would be very
di⁄cult to know how accurate or valid the as-
sumption is.

Furthermore, in our model estimation of fBA is
not easy. The low CO2 level in our model is par-
tially due to a high estimate of the BAB spreading
rate (and then large degassing of CO2) from the
middle Miocene by Kaiho and Saito (1994). This
high estimate also a¡ects the CO2 level before the
Miocene.

While the production rate drastically increases
from 10 Ma, it might be extremely low from 15 to
10 Ma compared to other periods (see Fig. 2).
This large gap is one of the causes of the low-level
CO2.

If there is an error in estimating the production
rate of BAB from 15 Ma because of the reason
mentioned above (for example, some of the BABs
which have spread from the Miocene to the
Present might have been gradually reducing their
spreading rate toward the Present as assumed by
Kaiho and Saito (1994), not spreading con-
stantly), the very low production rate from 15 to
10 Ma and drastically increased production rate
from 10 Ma might be suppressed. However, it
seems not to be probable that the real BAB pro-
duction rate decreased from 15 Ma, because the
increasing production rate of BAB in Kaiho and
Saito (1994) from 10 Ma is very large. Moreover,
the increase of CO2 from the late Miocene might
be consistent with the increased volcanic activity
at subduction zones as mentioned before. Conse-
quently, the CO2 level in the model would be
raised on the whole.

Therefore, the revision of uncertainty of param-
eter values might be insu⁄cient to decrease CO2

and then temperature after the middle Miocene,
and the decrease of CO2 from the late Miocene
might even not be the case. If it were the case, it
could be interpreted that our model results re-
garding temperature as well as CO2 level are rea-
sonable, as is discussed below.

4.3.2. Change of latitudinal temperature
distribution on the earth

We note that the rapid cooling event at the E/O

boundary and the cooling trend from 15 Ma,
which are often pointed out by oxygen isotope
records, are not reconstructed in our model.
These cooling events might be commonly related
to the ocean environmental change, especially lat-
itudinal imbalance.

At the E/O boundary, the formation of the
ACC prevented heat transport (Keller et al.,
1987), resulting in the thermal isolation of Ant-
arctica (Savin et al., 1975) and the change of the
latitudinal distribution of temperature as well as
the temperature gradient would have been larger
(Shackleton and Kennett, 1975). As a result, high-
er-latitude areas would have been cooled at the
E/O boundary. In fact, N

18O of low-latitude
planktonic foraminifera (Shackleton, 1984; Miller
et al., 1991) seems to show less increase at the E/O
boundary than that of high-latitude planktonic
foraminifera (Shackleton and Kennett, 1975),
although it should be considered, as mentioned
above, that ice formation also raises the value of
the N

18O records. It could be also supported by
the observation of Zachos et al. (1993).

The cooling trend from 15 Ma might have been
also related to the oceanographic change, the
change of the oceanic environment in higher lat-
itudes as well as the cooling event at the E/O
boundary. Kennett (1977) indicated the increased
temperature gradient between polar and tropical
regions during this period. The increase of sea
surface temperature in low latitudes as well as
the cooling in high latitudes are pointed out
(e.g. Savin et al., 1985; Flower and Kennett,
1993).

Finally, both cooling events might be associated
with the change of latitudinal temperature distri-
bution and the decreased temperature mainly in
higher latitudes. On the other hand, in our model,
including other models (GEOCARB models), an
equation connecting the CO2 level with temper-
ature is used (e.g. Caldeira and Kasting, 1992).
However, it takes into account the greenhouse
e¡ect alone. Other factors, for instance, tectonics
and ocean circulation, are assumed to be constant
or ignored. Due to this limitation of the present
carbon cycle models, it seems to be reasonable
that the two cooling events are not reconstructed
in our model, also because the equation essen-
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tially considers not the latitudinal temperature
distribution but the global mean temperature.

As already mentioned, in the periods of these
coolings, higher-latitude temperature is estimated
to have decreased, while lower-latitude tempera-
ture is considered to have not decreased or indeed
to have increased. Thus, this observation might
mean that these coolings can be ultimately ex-
plained by variation of the energy balance or dis-
tribution on the surface. If this is true, this varia-
tion itself does not in£uence global mean
temperature, even though the change is caused
by oceanographic factors. It applies to the case
for our carbon cycle model which does not con-
sider the factors other than the greenhouse e¡ect.
Thus, we can interpret that, even if the equation
to estimate global mean temperature in the car-
bon cycle models does not take into account fac-
tors other than CO2, they still represent the ap-
propriate temperature at least as a ‘global’ mean
temperature.

However, even local variations of temperature
and oceanographic events might cause change of
the global environment. The above assumption
disregards that tectonics, albedo, atmospheric
CO2 and temperature must be in£uenced by
among them, and that in-depth exchange of the
energy (e.g. between the surface and deep sea
which potentially contains a large amount of
heat capacity) is also probable. Latitudinal imbal-
ance of temperature possibly results in these ef-
fects and the errors in the above assumption of
energy balance. Accordingly, we examine the pos-
sible extent of these e¡ects by a numerical test
which uses the N

18O record which could be a
proxy for sea temperature. Unlike the carbon
cycle models, it is possible to assume that the
N
18O data record the resultant temperature which

includes not only the greenhouse e¡ect but also
other factors if we assume that N

18O represents
the temperature variation (but we note that, in
fact, N

18O is also a¡ected by ice-volume). If the
calculated mean temperature estimated by the
N
18O record shows the large variation from the

middle Miocene (15 Ma) and at the E/O bound-
ary, it can be indicated that the global mean tem-
perature is in£uenced by the change of the oceanic
environment (that is, the factors which are not

considered by the global carbon cycle models).
Otherwise, it is suggested that the global mean
temperature could be regarded to be independent
of the ocean environmental change.

The numerical examination here assumes that
the sea surface temperatures estimated by the
N
18O records re£ect the atmospheric temperature.

We divide the Earth’s surface into ¢ve latitudinal
areas: tropical area (0^10‡), low-latitude area (10^
20‡), middle-latitude area (20^40‡), high-latitude
area (40^60‡), and polar area (60^90‡).

The variations of temperature of the tropical
area (Tt), low-latitude (Tl), middle-latitude (Tm),
high-latitude (Th) and polar region (Tp) are based
on the oxygen isotope data of planktonic forami-
nifera of Savin et al. (1975), Miller et al. (1991),
Shackleton et al. (1986), Shackleton and Kennett
(1975), and Savin et al. (1975), and Shackleton
(1984), respectively. When we consider the heat
balance on the surface of the earth, the global
averaged sea surface temperature (hence surface
atmospheric temperature) would be given in this
model as follows:

Tmean ¼ ðSt T t þ Sl T l þ Sm Tm þ Sh Th þ Sp TpÞ=

ðSt þ Sl þ Sm þ Sh þ SpÞ

where Si is surface area.

Fig. 10. Variations of the sea surface temperatures in tropical
areas (0^10‡; Savin et al., 1975), low-latitude (10^20‡; Miller
et al., 1991), middle-latitude (20^40‡; Shackleton, 1986) and
high-latitude (40^60‡; Shackleton and Kennett, 1975) areas,
and the polar region (60^90‡; Savin et al., 1975; Shackleton,
1984), as well as the sea surface mean temperature which is
calculated by the heat balance of the ¢ve areas of tempera-
ture.
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Fig. 10 shows the result of each sea surface
temperature estimate. In Fig. 10, we ¢nd that
temperatures in higher-latitude areas generally de-
cline more remarkably around the E/O boundary
and from the middle Miocene, while, on the other
hand, that in lower-latitude areas do not. The
calculated Tmean does not show the large £uctua-
tion from 15 Ma and at the E/O boundary. The
range of the mean temperature variations since
the E/O boundary is also not more than approx-
imately 3‡C. Moreover, if it is considered that the
N
18O variations also re£ect ice-volume, the ‘real’

range should be estimated to be less.
Consequently, this calculation could indicate

that factors other than the CO2 greenhouse e¡ect
are not e¡ective on the change of the global aver-
aged temperature in the case of variations of the
latitudinal energy (or temperature) distribution
from 15 Ma and at the E/O boundary. This result
leads to the conclusion that the global mean tem-
perature estimated by the global carbon cycle
models is appropriate, although the two coolings
from 15 Ma and at the E/O boundary do not
appear in the model. Preferably, the accurate re-
construction of the two coolings might be outside
the framework of our carbon cycle model.

5. Summary and conclusion

We have constructed a modi¢ed GEOCARB
global carbon cycle model during the Cenozoic,
and discussed the relation between the atmospher-
ic CO2 level and climate change. The important
improvements of the model in this study over the
previous models are about: (1) the treatment of
the CO2 £ux at the subduction zone, and (2) the
weathering £ux in the HTP regions. With respect
to (1), previous models have not distinguished the
CO2 degassing from BAB with that from island-
arc at the subduction zone, while their degassing
mechanisms might be di¡erent from each other.
Thus, we deal with these two kinds of degassing
independently. The £ux of subducted carbon into
the mantle should be associated with the subduc-
tion rate, while previous models often assume the
sea£oor spreading rate. Accordingly, we assume
that the subducted £ux into the mantle is propor-

tional to the subduction rate in the model. With
respect to (2), recent studies have indicated that
the e¡ect of silicate weathering in the HTP re-
gions on the decrease of atmospheric CO2 is
smaller than previously considered. The calcu-
lated result of the contribution of silicate weath-
ering in the HTP region in this study is incorpo-
rated into the model.

According to the model results, the considera-
tion of degassing at BAB may explain the warm-
ing from the late Oligocene to early Miocene.
Moreover, a small peak of CO2 level is found at
19^18 Ma near the period of the MCO. This dis-
crepancy between the two periods might be due to
the estimate error in Kaiho and Saito (1994)
which is caused by the assumption of a constant
spreading rate of BAB in their active period.

The e¡ect of silicate weathering in the HTP
region on the cooling trend since 40 Ma is not
signi¢cant. The cooling event at 15 Ma relates
to increased organic carbon burial (probably the
Monterey Hypothesis) rather than to weathering
in the HTP region.

The results of the carbon cycle model are com-
pared with those of several studies of CO2 esti-
mates and oxygen isotope records.

Since the Oligocene, especially the Miocene, the
CO2 variations obtained by our model well corre-
late with the results of the recent CO2 estimates
by carbon and boron isotope studies (Pagani et
al., 1999; Pearson and Palmer, 2000).

However, it is noteworthy that the temperature
slightly increases from the middle Miocene to-
wards the Present in our model result. It seems
to be inconsistent with the results of oxygen iso-
tope records and other previous studies. Although
this might be partially due to the uncertainty of
estimate of BAB production rate as mentioned
above, it is unlikely that this error completely ex-
plains the discrepancy. The CO2 increase from the
early Miocene in our model results might even
correlate with increased volcanic activity at the
subduction zone from the late Miocene, because
CO2 degassing from the subduction zone accounts
for the large amount of total CO2 degassing.

The cooling at the E/O boundary and the cool-
ing trends from the middle Miocene do not seem
to be reconstructed in our model. If these climate
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events are commonly associated with the change
of temperature distribution over the world due to
the ocean environmental change, global mean
temperature might not be in£uenced under the
constant total energy on the surface. This assump-
tion is not accurate due to the complicated rela-
tionships among tectonics, albedo, CO2 and tem-
perature and even to these local variations, but
the calculation of the global mean temperature
by latitudinal temperatures based on the N

18O
records indicates that these e¡ects are not signi¢-
cant for the global mean temperature from 15 Ma
and at the E/O boundary. This means that global
temperature in our model still represents the
probable variation, although it does not take
into account factors other than the greenhouse
e¡ect in estimating the global mean temperature.
Simultaneously, reconstruction of the coolings
from 15 Ma and at the E/O boundary may be
beyond our carbon cycle models.
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